Earth's climate during the Archaean remains highly uncertain, as the relevant geologic evidence is sparse and occasionally contradictory. Oxygen isotopes in cherts suggest that between 3.5 and 3.2 Gyr ago (Ga) the Archaean climate was hot (55-85 8C); however, the fact that these cherts have experienced only a modest amount of weathering suggests that the climate was temperate, as today. The presence of diamictites in the Pongola Supergroup and the Witwatersrand Basin of South Africa suggests that by 2.9 Ga the climate was glacial. The Late Archaean was relatively warm; then glaciation (possibly of global extent) reappeared in the Early Palaeoproterozoic, around 2.3-2.4 Ga.
INTRODUCTION: THE EARLY CLIMATE RECORD
The first two billion years of Earth's history encompass two geological eons: the Hadean (4.5-3.8 Gyr ago (Ga)), for which the geologic record is almost nonexistent, and the Archaean (3.8-2.5 Ga), for which a sparse geologic record exists. In addition to those two time periods, this review will cover the Early Palaeoproterozoic Eon as well, as the glaciations that occurred at that time were arguably tied to events that occurred earlier.
The climate of the Hadean is, not surprisingly, extremely poorly understood. The few geologic data that bear on this question include zircons from the Jack Hills region in Western Australia (Wilde et al. 2001; Valley et al. 2002) . All these zircons are older than 3.3 Gyr. The cores of some of them are as old as 4.4 Gyr, demonstrating that a solid surface existed by this time. Oxygen isotope ratios in these zircons indicate that these minerals were in contact with liquid water, suggesting that oceans were also present. This conclusion is in agreement with theoretical models of Earth's early evolution (Matsui & Abe 1986a,b; Zahnle et al. 1988) , which predict that the surface should have solidified and oceans should have formed within a few tens of millions of years after the end of the main accretion period. Indeed, oceans may have condensed and been re-vaporized numerous times during the final stages of accretion as the proto-Earth was sporadically impacted by planetesimals that were Moon-sized or larger (Matsui & Abe 1986a,b; Zahnle et al. 1988) .
The mere presence of liquid water at Earth's surface does not provide strong constraints on its surface temperature. For a planet with Earth's current endowment of surface water, 1.4!10 21 l, liquid water can persist at temperatures up to the critical point, 374 8C (Kasting 1988) , or even higher if the effects of salinity are taken into account. A planetary atmosphere acts like a pressure cooker: the total pressure increases with temperature, thereby preventing the oceans from boiling until the surface temperature exceeds the critical temperature.
By the Early Archaean Eon, around 3.2-3.5 Ga, the geologic record provides more concrete, but nonetheless contradictory, constraints. Oxygen isotope ratios in cherts from the Barberton Mountain Land in South Africa suggest that the climate at this time was hot, with a surface temperature of 70G15 8C (Knauth & Lowe 2003) . This prediction follows earlier suggestions (Knauth & Epstein 1976; Karhu & Epstein 1986 ) that surface temperatures were high throughout the entire Precambrian; see also Perry & Lefticariu (2003) for a review. These earlier claims have been largely dismissed by most geologists, as they are inconsistent with the evidence for Precambrian glaciations described below. The usual criticism has been that the oxygen isotope ratios were reset during diagenesis and thus reflect temperatures at depth within sediments, and not the actual surface temperature. Knauth & Lowe (2003) have addressed this issue. They point out that their isotope data cover a wide range of values and that their estimates for surface temperatures are based on only the isotopically heaviest, and thus least altered, values. Ancient carbonates are isotopically lighter as well, by approximately the same amount (Shields & Veizer 2002) , and it seems unlikely that both carbonates and cherts should have had their isotope ratios reset in precisely the same manner.
These isotopic data must, however, be weighed against other evidence that suggests that the Early Archaean climate was more clement. Condie et al. (2001) computed the chemical index of alteration for Precambrian rocks of various ages and concluded that surface temperatures were moderate from approximately 3.5 Ga until 3.0 Ga. Holland (1984) and Sleep & Hessler (2006) reach similar conclusions about the Early Archaean based on their own palaeoweathering analyses. This suggests that the oxygen isotope data are influenced by some other factor. One possibility is that the oxygen isotope composition of seawater itself has varied over time (Walker & Lohmann 1989; Shields & Veizer 2002; Wallmann 2004 (Karhu & Epstein 1986; Perry & Lefticariu 2003) . This approach, however, is still susceptible to later isotope exchange at higher temperature.
The question of Early Archaean and Hadean climate has important consequences for other fields, as it seems likely that life arose sometime between 3.5 Ga (when both microfossils and stromatolites are found) and w4.2 Ga (the approximate age of the last oceanvaporizing impact; Sleep et al. 1989) . For now, the balance of evidence points towards a relatively cool early Earth, or at least to one that was much cooler than implied by the oxygen isotope data.
By 2.9 Ga, a stronger argument can be made that Earth's climate was cool. The evidence comes from diamictites of putative glacial origin in the Pongola and Witwatersrand basins of South Africa (Young et al. 1998; Crowell 1999) . The 2.8-2.9 Gyr Brooklands Formation in the Belingwe Greenstone Belt in Zimbabwe also contains coarse breccias that could conceivably be glacial (Nisbet et al. 1993) , although the authors have interpreted them as formed by debris flows or avalanches. Other forms of glacial evidence (e.g. striations and dropstones) are missing, so this ice age must still be regarded as questionable. Hence, it is listed with a question mark in figure 1. This cold period coincides with an anomaly in the sulphur isotope record, described in detail below. We will speculate on the connection between these events towards the end of this paper.
The Late Archaean, from 2.7 to 2.5 Ga, was again warm, as indicated by the absence of evidence for glaciation. Then, sometime around 2.4 Ga, the climate became extremely cold. Unlike the earlier MidArchaean glaciations, these Palaeoproterozoic glaciations are well documented. The evidence for ice exists on at least three continents (North America, Africa and Australia). In North America, three glacial diamictites are found in the Huronian sequence in Southern Canada (Roscoe 1969 (Roscoe , 1973 Young 1991) . Age constraints bracket the Huronian between 2.2 and 2.45 Ga. As pointed out by Roscoe, and later by Walker et al. (1983) , these glaciations coincide with the Great Oxidation Event described in this issue by Holland (2006) . This correlation is unlikely to have been accidental, and we will offer an explanation in the text that follows. Two glacial layers are found in South Africa (Kopp et al. 2005) , at least one of which shows evidence for having formed at low latitudes (Evans et al. 1997) . Thus, this may represent a 'Snowball Earth' glaciation similar to the better studied episodes of the Late Proterozoic (Hoffman et al. 1998) .
Following the Palaeoproterozoic glaciations, the climate became non-glacial again and remained that way for well over a billion years. This is the time period that Holland (2006) has called 'the boring billion'. To a climatologist, however, this period is not boring; instead, it begs for an explanation, particularly as the Sun remained significantly less bright than today. The evolution of solar luminosity is discussed in §2. The question of why the middle Proterozoic was warm, and why it cooled so dramatically around 750 Myr ago (Ma), is fascinating, but it is beyond the scope of this chapter. Pavlov et al. (2003) have suggested that methane was involved; however, their hypothesis relies on a 'Canfield-type' (sulphidic) deep ocean-a scenario that is challenged in Holland's paper. We leave this issue to be sorted out elsewhere.
THEORETICAL CONSIDERATIONS: THE FAINT YOUNG SUN PROBLEM
The historical record of climate on the early Earth must be considered within the context of solar and planetary evolution. The classic problem of long-term palaeoclimate, first pointed out by Sagan & Mullen (1972) , is that the Sun is thought to have been considerably less luminous early in its history. Figure 2 (from Kasting et al. 1988) shows this predicted change and illustrates its potential effect on Earth's climate. The Sun has brightened more or less linearly with time, starting from an initial luminosity at 4.6 Ga that was approximately 70% of the present value. This increase is associated with the gradual conversion of hydrogen to helium in the Sun's core, which makes the core denser, and ultimately hotter, over time. The curve shown in the figure is from Gough (1981) ; surprisingly, the standard solar model has changed little since that time. The two dashed curves represent Earth's effective radiating temperature (T e ), and its mean global surface temperature (T s ). T s is greater than T e because of the greenhouse effect of the atmosphere. In this calculation, atmospheric CO 2 was held constant, and atmospheric H 2 O was allowed to vary by assuming fixed relative humidity. The greenhouse effect increases with time because the H 2 O content of the atmosphere increases as the surface warms. Under these admittedly unrealistic assumptions, Earth's surface would have been frozen during the first half of the planet's history, as originally predicted by Sagan & Mullen. A series of papers by various authors has addressed the faint young Sun (FYS) problem; see Kasting (1987, , and its mean surface temperature (T s ), as calculated using a onedimensional climate model. Fixed atmospheric CO 2 and a fixed relative humidity profile were assumed in the calculation (from Kasting et al. 1988) .
Eon Era 1993) for reviews. The most plausible solution is that the atmospheric greenhouse effect was larger in the past. The two gases that seem most likely to have been more abundant are carbon dioxide (CO 2 ) and methane (CH 4 ). H 2 O, as we saw earlier, provides feedback on climate, but it is not a climate forcer because it is always near its condensation temperature, at least in Earth's atmosphere.
Until 10 or 15 years ago, most papers from this group emphasized CO 2 as the dominant greenhouse gas in the early atmosphere (Kasting 1987 (Kasting , 1993 . There was a good reason for this: CO 2 levels in Earth's atmosphere are expected to respond to changes in climate through the action of the inorganic carbon cycle, also called the carbonate-silicate cycle. CO 2 is added to the atmosphere by volcanism. It is removed by weathering of silicate rocks on the continents, followed by precipitation of carbonate sediments in the oceans. Some of the precipitated carbonate is carried down subduction zones, the carbonates are revolatilized, and the cycle begins anew. As pointed out originally by Walker et al. (1981) , and as further elaborated on in Berner et al. (1983) and in subsequent papers summarized in Berner (2004) , the carbonate-silicate cycle provides a negative feedback on climate: as the climate cools, silicate weathering slows down, and volcanic CO 2 accumulates in the atmosphere. The system can only stabilize in the regime where liquid water is present over at least some portion of the planet's surface. Thus, this cycle ensures that Earth's climate remains temperate most of the time. In the few instances when stability falters and Earth's surface becomes covered with ice, the volcanic outgassing side of the carbonate-silicate cycle pumps up atmospheric CO 2 to exceedingly high levels and allows the climate system to recover (Kirschvink 1992; Hoffman et al. 1998) .
FURTHER COMPLICATIONS: THE INFLUENCE OF CH 4
Over the past two decades, it has become clear that high CO 2 levels may not have provided the entire answer to the FYS problem. It had already been realized more than 20 years ago (Walker 1977; Kasting et al. 1983 ) that CH 4 could have been abundant in the low-O 2 Archaean atmosphere. Walker (1987) pointed out that CH 4 should have been both mobile and abundant at that time and that the Archaean biosphere could have been 'upside-down', with reduced species in the atmosphere and oxidized iron in sediments. At about this same time, Kiehl & Dickinson (1987) used a climate model to demonstrate that the greenhouse effect of large amounts of CH 4 was significant and that this gas could therefore have played a major role in countering low solar luminosity.
CH 4 is destroyed both by photolysis and by reaction with the hydroxyl radical, OH. Hence, in order for it to have been abundant in the early atmosphere, it must have been resupplied by either biotic or abiotic sources. The question of abiotic methane sources received considerable discussion at this meeting. CH 4 has been observed in hydrothermal vent fluids emanating from the Lost City ventfield on the flanks of the Mid-Atlantic ridge (Kelley et al. 2001 (Kelley et al. , 2005 . Kasting & Catling (2003) estimated a CH 4 flux of 1!10 11 mol yr K1 , or about 1/300th of the present biological CH 4 flux, based on the earlier of these two papers. Kelley et al. (2005) remeasured CH 4 concentrations in vent fluids and revised their numbers upward by a factor of 10. Thus, the abiotic methane source could be as high as 1!10 12 mol yr
K1
. However, questions remain as to whether this methane is truly abiotic or whether it is produced by methanogens living within the hydrothermal vents, as pointed out in this issue by Hayes & Waldbauer (2006) . So, while the present abiotic methane source is uncertain, it is clearly much smaller than the flux of methane that is produced biologically.
Estimating the biological source of methane on the Archaean Earth is a challenging matter because ecosystems then must have been completely different from today. At one extreme, Cavalier-Smith (2006) has argued that methanogens were not even present until much later in Earth history (approx. 1 Ga). This idea provoked considerable discussion at the meeting. Geologists objected to this hypothesis on several grounds, notably the existence of 2.7 Gyr kerogens with d
13 C values as low as K50 to K60‰. As discussed by Hayes (1983 Hayes ( , 1994 , production of organic matter with these isotopic characteristics probably requires biological cycling of carbon by methanogens and methanotrophs. Here, we will assume that methanogens were present by 2.7 Gyr, and we will postulate that they may have evolved even earlier.
Assuming that methanogens are indeed ancient, various authors have attempted to estimate their effect on early atmospheric composition. Two different approaches have been tried: Kral et al. (1998) and Kasting et al. (2001) used a strictly thermodynamic method based on the amount of free energy needed to drive methanogenic metabolism. This approach allows one to estimate CH 4 : H 2 ratios, but it says nothing about CH 4 fluxes. More recently, Kharecha et al. (2005) developed a more elaborate thermodynamickinetic model that predicts fluxes and that also accounts for gradients in gas concentrations between the atmosphere and surface ocean. Because of its possible relevance to Archaean climate, this model is described briefly below.
Today, methanogens are restricted to anaerobic environments such as the intestines of cows and the water-logged soils in rice paddies. As shown by Holland (2006) , the entire atmosphere should have been anoxic during the Archaean, and so methanogen habitats should have been much more widespread. Rather than being confined to sediments, methanogens could have proliferated in both the surface and deep oceans. There, they would have competed with a variety of other anaerobic organisms, especially anoxygenic photosynthesizers that used H 2 , H 2 S, or Fe CC as reductants. Methane could have been produced either by autotrophic methanogens that fed on H 2 :
or by methanogens working in concert with fermentative bacteria to degrade the organic matter produced by other mechanisms. For example, if primary production was carried out by H 2 -based anoxygenic photosynthesizers, a possible reaction sequence would be:
Anoxygenic photosynthesis :
Fermentation :
Methanogenesis :
Net :
The net effect of reactions (R2)-(R4) is the same as that of (R1). Kharecha et al. (2005) have worked out many of the details of this primitive, anoxic ecosystem. H 2 emitted by volcanoes should have accumulated in the atmosphere until balanced by loss to space and/or reduction of CO 2 , followed by burial of organic carbon in sediments. Atmospheric H 2 mixing ratios of 10 K3 or more are predicted prior to the origin of methanogens. These estimates are based on a modern H 2 outgassing rate of 5!10 12 mol yr K1 (Holland 2002) . Even higher H 2 levels are possible if hydrogen escape to space was slow because of low exospheric temperatures (Tian et al. 2005) . Once methanogens evolved, they would have drawn down concentrations of dissolved H 2 in the surface ocean to levels set by metabolic thermodynamics. H 2 from the atmosphere would have flowed into the ocean to replace it at rates that can be estimated using the 'piston velocity' approach (Broecker & Peng 1982) . The piston velocity is the effective diffusion velocity of a gas through the thin boundary layer at the ocean surface. Numerical values for the piston velocities of various gases are determined empirically by using inert tracers in both wind tunnel experiments and in the actual atmosphere-ocean system. CH 4 produced in the surface ocean would have flowed back into the atmosphere at its own piston velocity. There, it would have been converted back into H 2 and CO 2 (or CO) by photolysis and by reaction with hydroxyl (OH) radicals. The detailed photochemistry of CH 4 in a low-O 2 atmosphere has been studied most recently by Pavlov et al. (2001) .
The net result of this analysis is shown in figure 3 . Shown on the graph are the CH 4 flux, F(CH 4 ), and net primary productivity (NPP) for ecosystems based on methanogenesis and H 2 -based anoxygenic photosynthesis. Also shown as dashed lines are the modern biological CH 4 flux and modern global marine NPP (O1000). The horizontal axis, f tot (H 2 ), represents the total atmospheric hydrogen mixing ratio in the stratosphere: f tot ðH 2 ÞZ f ðH 2 ÞC f ðH 2 OÞC 2f ðCH 4 ÞC/. This is the sum of the concentrations of all hydrogen-bearing gases, weighted by the number of H atoms (or H 2 molecules) they contain. Figure 3 shows two things: (i) Archaean NPP was several orders of magnitude less than modern NPP, in agreement with predictions of other authors (e.g. DesMarais 1998; Canfield 2005) . NPP for the anoxygenic photosynthesis-based ecosystem is approximately 20 times higher than that for the methanogenbased ecosystem because fewer H 2 molecules are needed per unit of produced biomass. (ii) The predicted CH 4 flux is within a factor of 3 of the modern value, regardless of which type of organisms dominated the ecosystem. Indeed, the CH 4 fluxes from the two ecosystems are so similar that only one curve is shown in the figure. Methane production was limited by gas transfer rates through the atmosphere-ocean interface, not by details of biology or ecology. This conclusion, of course, rests on the assumption that methanogens were indeed present in the Archaean ecosystem.
The calculation of the methane flux is new, and it has implications for the Early Archaean climate. Detailed photochemical modelling has shown that the lifetime of CH 4 in an anoxic atmosphere is approximately 1000 times longer than today. Hence, the same biological methane flux that produces a CH 4 mixing ratio of approximately 1.7 ppmv in today's atmosphere should produce a CH 4 mixing ratio of over 1000 ppmv (0.1%) in a low-O 2 Archaean atmosphere. Others (Catling et al. 2001) have shown that the predicted CH 4 flux should only have increased once oxygenic photosynthesis evolved. This event occurred sometime before 2.4 Ga, and probably by 2.7 Ga, based on the evidence from organic biomarkers (Brocks et al. 1999; Summons et al. 1999) . Hence, it seems likely that CH 4 remained an important constituent of the atmosphere throughout the Archaean and Early Palaeoproterozoic eons.
CH 4 concentrations of 1000 ppmv or more should have had a big effect on Archaean climate. This is illustrated in figure 4 , which shows calculated mean global surface temperatures (solid curves) at 2.8 Ga for different combinations of atmospheric CO 2 and CH 4 . The solar constant at that time was approximately 80% of its present value (Gough 1981) . The two dashed curves represent the freezing point of water and an upper limit on P CO 2 derived from palaeosols (Rye et al. 1995) . If the palaeosol data are accepted as a constraint, solutions must lie in the upper left-hand corner of this diagram. The solution is further constrained by the requirement that f ðCO 2 Þ=f ðCH 4 ÞO 1. If the CH 4 concentration was higher than that of CO 2 , then CH 4 would have begun to polymerise, forming organic haze and creating a large anti-greenhouse effect ). An atmosphere with f ðCH 4 ÞZ f ðCO 2 ÞZ 10 K3 would yield a predicted surface temperature roughly equal to the modern value, 288 K. The answer is not unique, however, as the same result could be achieved by an atmosphere containing three times more CO 2 and three times less CH 4 . Additional data are needed if one wishes to further constrain this result.
SULPHUR ISOTOPES AND THEIR IMPLICATIONS FOR ATMOSPHERIC O 2
Because the greenhouse effect may have been augmented by CH 4 , as well as by CO 2 , our palaeoclimate story necessarily involves O 2 . Changes in atmospheric O 2 would have affected the photochemical lifetime of CH 4 , as well as the nature of the ecosystems that produced it. Let us therefore briefly consider the time history of atmospheric O 2 and its relationship to the atmospheric sulphur cycle. This will prove critical in the explanations offered below for the causes of Early Precambrian glaciations.
The rise of O 2 has been studied by many different workers over the past 50 years. Recent reviews have been given by Holland (1994 Holland ( , 2006 , Kasting & Catling (2003) and Canfield (2005) . Briefly, atmospheric O 2 concentrations appear to have increased dramatically around 2.4 Ga, based on a variety of 'conventional' geologic indicators (e.g. detrital minerals, redbeds, banded iron-formations). Some of these O 2 indicators are discussed further below. Very strong evidence for an increase in atmospheric O 2 at this time comes from the first large-scale appearance of oxidized (and thus insoluble) manganese in the Kalahari Mn Field of South Africa (Bau et al. 1999; Kirschvink et al. 2000) . The most precise data, however, come from an 'unconventional' source, namely, mass-independent fractionation (MIF) of sulphur isotopes. As first pointed out by Farquhar et al. (2000) , the sulphur MIF signal is observed in rocks of Archaean and Early Palaeoproterozoic age, but not in younger rocks (see figure 1 in Holland (2006)). Although the precise mechanism by which the MIF signal is created is not known, it has been demonstrated to arise during the photolysis of SO 2 under low-O 2 conditions (Farquhar et al. 2000 (Farquhar et al. , 2001 . Pavlov & Kasting (2002) have studied this problem with a detailed photochemical model and have derived an upper limit of 10 K5 times the present atmospheric level (PAL) on atmospheric O 2 during the time when the MIF signal was present. They argued that the actual O 2 concentration at this time was much lower than the value quoted, probably of order 10 K13 PAL. This argument was based on two specific points. (i) At these very low O 2 levels, the atmospheric sulphur cycle runs in both directions, i.e. outgassed SO 2 can be either oxidized to H 2 SO 4 , or it can be reduced to H 2 S or S 8 . Appreciable amounts of sulphur must leave the atmosphere in different chemical forms in order for the MIF signal to be preserved. On the modern Earth, by contrast, virtually all of the outgassed SO 2 is oxidized to sulphate, either in the atmosphere or in the surface ocean, so any MIF signal that may have been produced by photochemistry is erased before the sulphur is deposited in sediments.
(ii) The reason that P O 2 is so extremely low in the Pavlov & Kasting 'Archaean atmosphere' model is that their estimated H 2 and CH 4 concentrations were relatively high (approx. 400 ppmv for H 2 and 800 ppmv for CH 4 ); see Pavlov et al. (2001) for the details. In these calculations, it was assumed that H 2 outgassed from volcanoes was lost predominantly by escape to space at the diffusion-limited rate. H 2 outgassing rates, as mentioned earlier, were taken from Holland (2002) . While these assumptions are not unreasonable, the model could be wrong for several reasons: (i) Recently, Tian et al. (2005) have argued that hydrogen escape on the early Earth would have proceeded at much less than the diffusion limit. This would cause H 2 and CH 4 levels to be higher, and O 2 levels to be even lower, than assumed above. (ii) H 2 outgassing rates predicted by other authors (Walker 1977; N. Sleep 2005, personal communication) are about an order of magnitude lower than Holland's values. This could cause H 2 and CH 4 concentrations to be lower than assumed. (iii) The atmospheric hydrogen budget, or redox budget, on the Archaean Earth should also have been affected by rainout of photochemically produced oxidants and reductants and by subsequent reactions of these species within the oceans (e.g. Kasting & Brown 1998; Kasting in press ). In the Pavlov et al. (2001) model, these terms were considered to be a minor part (approx. 10%) of the atmospheric hydrogen budget. If H 2 outgassing rates were lower than assumed, however, then the rainout terms could have been more important. This will form the basis for the hypothesis offered below for triggering the Mid-Archaean (2.9 Ga) glaciations.
TRIGGERING OF THE PALAEOPROTEROZOIC GLACIATIONS
With this theoretical background in place, we turn now to the question of what caused the Early Precambrian glaciations. As pointed out earlier, the Palaeoproterozoic glaciations appear to have occurred at approximately the same time that atmospheric O 2 concentrations first rose. This is documented most clearly in the Huronian Supergroup of Southern Canada (Fig. 5) . The Huronian sequence contains three glacial diamictites. From bottom to top, these are the Ramsey Lake Formation, the Bruce and the Gowganda. Below the Ramsey Lake Formation, one finds the Matinenda Formation, which contains abundant detrital pyrite (FeS 2 ) and uraninite (UO 2 ). These are reduced minerals that are generally absent from sediments formed in oxidized environments. (For non-geologists, a detrital mineral is one that was eroded from its parent rock and was subsequently transported down streams and rivers and deposited without ever undergoing dissolution.) Small amounts of detrital uraninite are found today in the deltas of fast-flowing rivers that drain the Himalayas, but in general such minerals have not been preserved during the latter half of Earth's history.
Above the uppermost glacial layer, one finds the Lorraine redbed. A redbed is a sandstone in which the quartz grains are coated with small specks of hematite (Fe 2 O 3 ). Hematite contains oxidized, or ferric, iron (Fe 3C ). By comparison, most igneous rocks contain ferrous iron (Fe 2C ), often combined with silicates. If the hematite in the redbed formed by subaerial oxidation, as is generally assumed, then the atmosphere must have been O 2 -rich when the Lorraine Formation was deposited. This is what led Roscoe (1969 Roscoe ( , 1973 to point out that these glaciations coincided with the rise of atmospheric oxygen.
If the methane greenhouse story told in §4 is correct, then the Huronian glaciations are a natural consequence of the observed O 2 rise. Such an event would have shortened the photochemical lifetime of CH 4 , thereby causing its concentration to drop dramatically. According to figure 4, a drop in f(CH 4 ) from 10 K3 to, say, 10 K5 should have caused a surface temperature decrease of approximately 20 8C. Unless the climate was exceedingly warm prior to 2.4 Ga, this would have been more than enough to trigger glaciation.
Based on this discussion, the identification of O 2 rise and CH 4 decline as the fundamental cause of the Palaeoproterozoic glaciations appears to be a tenable hypothesis. However, the detailed sequence of events at the time of the Palaeoproterozoic glaciations remains unclear. Why were there at least three distinct glaciations, and did O 2 and CH 4 levels oscillate up and down during this time-interval? Correlating glacial events on different continents is difficult because strata that carry Palaeoproterozoic glaciations are poorly dated. Bekker et al. (2001) suggest that the Rooihoogte and Timeball Hill formations in South Africa coincide with the second and third of the Huronian glaciations. Some glaciations in Canada and South Africa, however, may not necessarily correlate at all: only one glaciation (the Makganyene) in South Africa has been demonstrated to be global (Evans et al. 1997) , whereas reliable palaeolatitude data are missing from the Huronian . Thus, Kopp et al. (2005) argue that all three Huronian glaciations precede the 'snowball' Makganyene glaciation in South Africa.
If one follows Roscoe's (1969 Roscoe's ( , 1973 model that the Huronian Supergroup was deposited during the rise of atmospheric O 2 , one may expect to see the disappearance of sulphur MIF signatures somewhere between the Matinenda and the Lorrain Formations of the Huronian Supergroup (figure 5). Available data for sulphur isotopes suggest, however, that a change in sulphur chemistry appears to pre-date glacial events: the D
33
S values are small (less than G0.4‰) for the Huronian Supergroup in Canada (Farquhar et al. 2000; Wing et al. 2002) and the Timeball Hill and the Rooihoogte formations in South Africa (Bekker et al. 2004) . This small range of D 33 S values contrasts with the large D
S values (K2.5 to 8.2‰) for older rock formations (figure 6; Farquhar et al. 2000; Mojzsis et al. 2003; Ono et al. 2003) . Farquhar & Wing (2003) offer two possible explanations for the small, but measurable, sulphur MIF signatures during this time-interval, 2.2-2.45 Ga. One is recycling of mass independently fractionated Archaean sulphide. This would imply that the oxygen level rose dramatically at approximately 2450 Ma to allow oxidative weathering of continental sulphide, and also triggering the collapse of a CH 4 -rich atmosphere at this time. The second possibility is that between 2.2 and 2.45 Ga, atmospheric O 2 levels rose to intermediate levels that allowed penetration of UV to the troposphere but that still ensured that most atmospheric sulphur was oxidized to H 2 SO 4 . This condition is possible if P O 2 was between 10 K2 and10 K5 PAL. The upper limit (10 K2 PAL) is consistent with that given by the preservation of detrital uraninite at the base of the Huronian Supergroup (Holland 1984) .
Detailed photochemical model studies may tell if fluctuating oxygen levels between 10 K2 and 10
K5
PAL could have triggered multiple glacial events by destabilizing a CH 4 -rich atmosphere.
POSSIBLE CAUSE OF THE MID-ARCHAEAN GLACIATIONS
The latest wrinkle in the Precambrian glaciation story is that the putative Mid-Archaean glaciation appears now to be correlated with a second anomaly in the sulphur MIF record. An updated view of the most recent MIF data is shown in figure 6 . As seen in the figure, new data collected from the time period between 2.8 and 3.0 Ga show low MIF signals, D 33 S%0.5‰. The data come from two sources: (i) Watanabe et al. (2005) have analysed pyrite samples from the 2.76 Gyr Hardey Formation and the 3.0 Gyr Mosquito Creek Formation in Australia. (ii) Ono et al. (in press) have analysed samples from the 2.9 Gyr Pongola Formation in South Africa. Both groups argue that the pyrites they have analysed are not detrital. This is critical, as detrital pyrites would be expected to have low MIF values regardless of what was happening in the atmosphere.
The fact that low-MIF sulphur isotope values and the evidence for glaciation coincide temporally, as they do in the Palaeoproterozoic, suggests a causal connection. One possibility is that atmospheric O 2 levels actually rose twice: once at around 2.8-3.0 Ga and again at 2.4 Ga. If CH 4 was an important atmospheric constituent prior to 3.0 Ga, then CH 4 drawdown could be invoked as the cause of the Mid-Archaean glaciations, similar to the hypothesis presented above for the Palaeoproterozoic glaciations. Such a model would necessarily demand an explanation for why atmospheric O 2 concentrations went down again at approximately 2.7 Ga. We will not attempt to offer one here. This hypothesis also runs into other difficulties. The Witwatersrand Basin in South Africa, which was formed at approximately the same time as the Pongola Basin and in which one of the putative Mid-Archaean diamictites is found, also contains detrital uraninite and pyrite (Holland 1984, p. 315) . Hence, if increased O 2 was indeed the cause for this glaciation, the increase must have been small enough so that it did not preclude the preservation of reduced detrital minerals. This constraint may be possible to satisfy, as the sulphur MIF signal disappears somewhere at or below 10 K5 PAL of O 2 (see above), whereas detrital pyrite and uraninite disappear at a somewhat high O 2 level, perhaps 10 K4 PAL (Holland 1984) . The dissolution kinetics of uraninite depend on CO 2 concentrations as well; however, it is probably still safe to assume that one could identify an atmospheric O 2 level at which sulphur MIF would be absent and yet detrital pyrite and uraninite would still be present.
This leads to yet another question, though: How could atmospheric O 2 have been stabilized at such a low level? The prevailing theory for what controls the anoxic-oxic transition (Walker 1977; Walker et al. 1983; Kasting 1993; Catling et al. 2001 ) is that atmospheric O 2 levels rose when the net source for O 2 from photosynthesis followed by organic carbon burial overwhelmed the sink for O 2 from reaction with reduced volcanic (and metamorphic) gases. O 2 levels then increased until oxidation of surface minerals could provide an additional sink. Today, surface oxidation accounts for approximately 80% of the net sink for O 2 , according to Holland (1984 Holland ( , 2002 . At 2.8 Ga, however, we have just seen that detrital pyrite and uraninite were being preserved, rather than oxidized. This hypothesis is thus internally inconsistent. Either our understanding of the early O 2 budget is wrong, or the link between sulphur MIF values, atmospheric O 2 and glaciation is more complicated that we have assumed.
We suggest here that some combination of these factors may be involved. A possible solution to this problem is suggested by some calculations published almost 25 years ago by and elaborated on later by Walker et al. (1983) . Figure 7a , taken from an earlier paper, represents a typical prebiotic, or pre-photosynthetic, atmosphere. H 2 is well mixed in this atmosphere and has a mixing ratio of approximately 2!10 K5 . Its concentration in this model is determined by the balance between volcanic outgassing and escape to space, as described earlier in this paper. The estimated H 2 mixing ratio is lower than value of approximately 10 K3 favoured in more recent models, e.g. Kasting (1993) , because the assumed outgassing rate of reduced gases (from Walker (1977) ) was lower than the rates favoured by Holland (1984 Holland ( , 2002 . The surface O 2 mixing ratio in this model was approximately 2!10 K14 PAL, in rough agreement with that in Pavlov et al. (2001) and Pavlov & Kasting (2002) . Although these particular calculations did not include sulphur gases, such an atmosphere should have produced a substantial sulphur MIF signal. Figure 7b shows what would happen in this model if outgassing of hydrogen was shut off for some reason. PAL. This type of solution clearly would eliminate the sulphur MIF signal. Both of these latter solutions still represent possible pre-photosynthetic atmospheres: no biological production of O 2 is assumed. This hypothesis contrasts with that of Ono et al. (submitted) who pursue a similar idea, but who attribute the 2.9 Ga O 2 rise to the origin of oxygenic photosynthesis. Could a stable atmosphere with a modest, but non-negligible O 2 level have prevailed from 2.8 to 3.0 Ga?
The situation simulated in these earlier models is physically unrealistic: there is no plausible reason why volcanic outgassing should have ceased for such an extended period of time. The redox balance assumed in figure 7b may also be incorrect. In that simulation, hydrogen escape to space was balanced by O 2 uptake by the oceans. O 2 was assumed to flow into the ocean at its piston velocity of approximately 5 m d K1 (Broecker & Peng 1982) . Once in the ocean, O 2 was assumed to have been consumed by reaction with dissolved ferrous iron.
As mentioned earlier, subsequent modelling (e.g. Kasting et al. 1984; Kasting & Brown 1998) has shown that rainout of photochemically produced oxidants and reductants is also important in the atmospheric redox balance. Indeed, rainout of oxidants such as H 2 O 2 and H 2 SO 4 becomes significant at atmospheric O 2 levels that are substantially lower than those shown in figure 7b. When these terms are included in the redox budget, atmospheric H 2 levels never fall as low as those shown in figure 7b, even when volcanic outgassing is 'turned off' (e.g. Kasting et al. 1984) . This suggests that physically realistic solutions may exist that have the same general nature as those shown in figure 7b but in which the rainout terms in the hydrogen budget are comparable to rates of H 2 outgassing and escape. High atmospheric O 2 levels would be favoured if the loss of photochemically produced oxidants was limited by transfer from the surface ocean to the deep ocean, as suggested by Walker et al. (1983) .
To be more quantitative about these hypotheses, we can write the atmospheric redox balance as (Kasting & Brown 1998; H 2 O photolysis can be written as:
Hence, rainout of one mole of H 2 O 2 leaves behind one mole of H 2 in the atmosphere. The coefficient of H 2 O 2 in the redox budget is thus K1. Conversely, rainout of formaldehyde is a sink for H 2 because the overall reaction can be written as:
The coefficient of H 2 CO in the redox budget is thus C2. In order to proceed further, we must make a small extension to previously published work. Equation (6.1) has previously described as applying to the atmosphere by itself (e.g. Kasting & Brown 1998) . As pointed out by Kharecha et al. (2005) , that description is incorrect or at least incomplete. The atmosphere and the ocean are in close contact with each other, and so one should really apply the concept of redox balance to the combined atmosphere-ocean system. Rainout of oxidants into the ocean is a source of H 2 only if the oxidants are consumed by reaction with reduced species such as Fe 2C . Rainout of reductants is a sink for H 2 only if they are prevented from being remobilized and re-entering the atmosphere. For example, on the pre-biotic Earth formaldehyde may have been consumed by polymerization to sugars via the Cannizzaro reaction followed by burial in sediments (Pinto et al. 1980) . In this case, rainout of formaldehyde would be a sink for H 2 . Alternatively, formaldehyde could have been decomposed by fermentation and methanogenesis (reactions (R3) and (R4)). In this second case, rainout of formaldehyde would be redox-neutral because its reducing power would re-emerge in the form of CH 4 .
Let us now apply this methodology to the problem at hand. Our specific hypothesis for the cause of the 2.9 Ga glaciations is inspired by a recent paper by Huston & Logan (2004) . These authors point out that bedded sulphates are absent from the geologic record between 3.2 and 2.4 Ga. Prior to 3.2 Ga, one finds barite (BaSO 4 ) deposits. Barite is an extremely insoluble mineral and, hence, could have formed at low oceanic sulphate concentrations. The authors suggest, following Kasting et al. (1989) and Pavlov & Kasting (2002) , that these small amounts of sulphate could have been produced photochemically from photolysis of SO 2 . Disproportionation of sulphite and bisulphite in the oceans might also have produced sulphate. At 3.2 Ga, according to the authors, biological sulphate reduction evolved, and the sulphate reducers swept the oceans almost completely free of sulphate. Then, at 2.4 Ga, atmospheric O 2 levels increased, sulphate became much more abundant in the oceans, and gypsum (CaSO 4 $2H 2 O) appeared for the first time in the geologic record.
It must be acknowledged that this hypothesis is in disagreement with the conclusions of Shen et al. (2001) ; see also Shen & Buick (2004) . These authors analysed the sulphur isotopic composition of coexisting sulphides and sulphates (barite) at 3.5 Ga and concluded that biological sulphate reduction had already evolved at that time. This result could be reconciled with the theory presented here if these early sulphate reducers were hyperthermophiles, as the most deeply branching sulphate reducers appear to be. However, analysis of the interfacial angles of the barites suggests that they were deposited initially as gypsum, which is only stable at temperatures below 60 8C (Shen et al. 2001) . If this is correct, then mesophilic sulphate reducers had already evolved by 3.5 Ga, and the Huston & Logan idea would have to be modified or abandoned. We explore it here anyway as one example of how the sulphur MIF data might be explained.
Consider now how the evolution of bacterial sulphate reduction (BSR) might have affected the redox budget (equation (6.1) ). Prior to the origin of this metabolism, sulphate produced in the atmosphere or in the oceans should have been consumed by reaction with reduced minerals in the seafloor. This happens today within hydrothermal vents. It is, indeed, the dominant mechanism by which the modern seafloor is oxidized (Lecuyer & Ricard 1999 ðR9Þ By looking at the overall reaction (R9), one can see that because sulphate was being used to oxidize iron, outgassed SO 2 should have been a net source of H 2 prior to the origin of BSR. This reaction sequence should therefore have tended to increase the H 2 content of the atmosphere. If methanogens were present at this time (before 3.2 Ga), they should have converted much of this H 2 to CH 4 , and this CH 4 may in turn have helped to keep the climate warm. Now, consider how the sulphur cycle would have changed once BSR had evolved. In this case, most of the sulphate produced in the oceans should have been consumed by reaction with organic matter. Sulphite may have been similarly consumed (Skyring & Donnelly 1982) . In the case of sulphate reduction, the overall sequence can be written as: SO 2 C 2H 2 O/ H 2 SO4 C H 2 ð!2Þ;
Net : 2SO 2 C FeO C 5H 2 / FeS 2 C 5H 2 O: ðR12Þ
Sulphite reduction would yield the same net stoichiometry. Outgassed SO 2 would in this case be a sink for H 2 because the sulphur would be reduced to pyrite, and no oxidation of iron would occur. The sulphur cycle would thus have drawn down atmospheric H 2 concentrations, and possibly CH 4 concentrations as well, cooling the climate and possibly triggering glaciation. This sequence of events is generally consistent with what may have happened at that time in Earth history. Whether or not the scenario proposed above is correct remains to be determined. Photochemical modelling calculations need to be performed to see whether it is actually plausible to influence atmospheric H 2 concentrations by the mechanism described here. Such modelling cannot be strictly rigorous until the precise mechanisms responsible for creating sulphur MIF are discovered. The timing of events is also critical. If Huston & Logan are correct and BSR was invented at 3.2 Ga, why did the glaciations occur at approximately 2.9 Ga? When exactly did the sulphur MIF values drop to near zero, and is this signal recorded in all of the sulphur-bearing sediments deposited at that time? All these questions remain to be answered before any detailed conclusions can be drawn. The scenario described here is not intended to be definitive; rather, we hope that it will stimulate thinking about processes that might have been important during the Mid-Archaean. Eventually, through a combination of modelling and data acquisition, we can hope to gain an improved understanding of how atmospheric composition, climate and the biota coevolved during this early part of Earth's history. J.F.K. thanks the NASA Exobiology and Astrobiology programmes for funding. S.O. thanks the Agouron Institute and the Carnegie Institution of Washington for funding. The authors thank Euan Nisbet and an unnamed reviewer for their helpful comments that have improved this manuscript. Thanks also to Dick Holland for early access to his manuscript for this special issue.
